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Abstract

Both the concentration and the carbon isotope composition of dissolved inorganic
carbon (DIC) vary considerably across the sulfate-methane transition (SMT) in shallow
marine sediment at locations with gas hydrate. This variability has led to different
interpretations for how carbon, including CH,4, cycles within gas-charged sediment
sequences over time. We extend a one-dimensional model for the formation of gas
hydrate to account for downhole changes in dissolved CH4, SO4*, DIC, and Ca**, and
the 8"C of DIC. The model includes advection, diffusion, and two reactions that
consume SO,*: degradation of particulate organic carbon (POC) and anaerobic
oxidation of methane (AOM). Using our model and site-specific parameters, steady-
state pore water profiles are simulated for two sites containing gas hydrate but different
carbon chemistry across the SMT: Site 1244 (Hydrate Ridge; DIC = 38 mM, 3'3C of DIC
= -22.4%0, PDB) and Site Keathley Canyon (KC) 151-3 (Gulf of Mexico; DIC = 16 mM,
5"3C of DIC = -49.6%0 PDB). The simulated profiles for CHs4, SO,%, DIC, Ca?*, and 8"*C
of DIC resemble those measured at the sites, and the model explains the similarities
and differences in pore water chemistry. At both sites, an upward flux of CH, consumes
most net SO, at a shallow SMT, and calcium carbonate removes a portion of DIC at
this horizon. However, a large flux of *C-enriched HCOj3™ enters the SMT from depth at
Site 1244 but not at Site KC151-3. This leads to a high concentration of DIC with a 3'C
much greater than that of CH4, even though AOM causes the SMT. The addition of
HCO3 from depth impacts the slope of certain concentration cross-plots. Crucially,
neither the DIC concentration nor its carbon isotopic composition at the SMT can be

used to discriminate between sulfate reduction pathways.
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1. Introduction

Solid gas hydrates form when water molecules encapsulate low molecular weight
gas molecules at relatively high pressure, low temperature, high water activity, and high
gas concentration [Sloan and Koh, 2007]. These conditions exist along many
continental margins where hydrocarbon gases, usually CH4, accumulate in sediment
pore space within a shallow depth interval commonly called the gas hydrate stability
zone (GHSZ). While their global abundance and distribution remain uncertain [Dickens,
2001a; Milkov, 2004; Buffett and Archer, 2004; Klauda and Sandler, 2005], marine gas
hydrates may constitute a future energy resource [e.g., Collett, 2002; Walsh et al.,
2009], a deep-water geohazard [e.g., Borowski and Paull, 1997; Briaud and Chaouch,
1997; Kwon et al., 2010], and an important component of the global carbon cycle [e.g.,
Dickens, 2003; Archer et al., 2009].

The amount and distribution of gas hydrate within the GHSZ at a given location
depend on in situ concentrations of light hydrocarbons [e.g., Dickens et al., 1997; Xu
and Ruppel, 1999; Davie and Buffett, 2001; Milkov et al., 2003; Bhatnagar et al., 2007].
In most marine settings with gas hydrate, CH; concentration dominates total
hydrocarbon concentration, and gas hydrate arises when CH4 concentrations exceed
those on a dissolved gas-gas hydrate saturation curve. Usually, however, such excess
solubility does not occur in the upper part of the GHSZ (Figure 1). Instead, two
biogeochemical zones, separated by a thin (generally <2 m) sulfate-methane transition
(SMT), distinguish shallow sediment. From the seafloor to the SMT, dissolved SO4*
decreases from seawater concentration (~28 mM) at the seafloor to near-zero

concentration at the SMT; from the SMT to deeper zones, dissolved CH, increases from
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near-zero concentration at the SMT to a concentration on the saturation curve below
(Figure 1). This means that the top occurrence of gas hydrate at most locations lies
below the seafloor and within the GHSZ [e.g., Dickens et al., 1997; Xu and Ruppel,
1999; Davie and Buffett, 2001; Dickens, 2001a; Milkov et al., 2003; Bhatnagar et al.,
2007; Malinverno et al., 2008]. Although a bottom simulating reflector (BSR) on seismic
profiles often marks the deepest presence of gas hydrate [Kvenvolden, 1993; Paull and
Matsumoto, 2000; Tréhu et al., 2004], remote sensing methods face difficulties
detecting the shallowest gas hydrate, presumably because physical properties of
sediment do not change significantly when small amounts of gas hydrate are present. In
addition, this boundary can be hard to locate accurately in well logs and sediment cores
from drill holes [Paull and Matsumoto, 2000; Tréhu et al., 2004].

Pore water SO,4* gradients in shallow sediment may offer a geochemical means
to determine underlying CH,4 gradients and the uppermost occurrence of gas hydrate.
Many papers have attributed SMTs in shallow marine sediment to anaerobic oxidation
of methane (AOM) [e.g., Borowski et al., 1996, 1999; Valentine and Reeburgh, 2000;
Dickens, 2001b; D’Hondt et al., 2004; Snyder et al., 2007]. Specifically, the SMT
represents an interface where microbes utilize SO4* diffusing down from the seafloor

and CHy, rising up from depth according to [Reeburgh, 1976]:
CH, (ag) + SO — HCO;+HS +H,O. (1)
This interpretation implies a 1:1 ratio of SO, and CH, fluxes into the SMT, and is

important to gas hydrate studies. If AOM principally causes the SMT in shallow

sediment above gas hydrate, and the overall system is near steady-state conditions, the
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S0, gradient and the SMT depth should relate to the underlying CH, gradient and the
shallowest occurrence of gas hydrate (Figure 1).

Field observations, mass balance calculations, and numerical modeling results
support the assumptions and expected relationships between SO4* and CH, fluxes
[Borowski et al., 1996, 1999; Dickens, 2001b; Davie and Buffett, 2003b; Paull et al.,
2005; Snyder et al., 2007; Bhatnagar et al., 2008, 2011]. Nonetheless, the use of pore
water SO, profiles to constrain gas hydrate distribution remains controversial because
of unresolved issues. A source of current debate concerns the concentration and
carbon isotope composition (5°C, expressed relative to Pee Dee Belemnite) of
dissolved inorganic carbon (DIC) at the SMT |[cf. Kastner et al., 2008a; Dickens and
Snyder, 2009]. The CH, in many regions with gas hydrate has a §'3C of -50%o or lower
[Milkov, 2005]. Moreover, given the ubiquitous 7.0-8.3 pH of pore water in these
systems [e.g., Shipboard Scientific Party, 1996, 2003a, 2003b], almost all DIC consists
of HCO3'. If AOM (Equation 1) primarily drives the SMT, and the systems were closed,
one might predict DIC at this interface to be <28 mM with a 8*3C <-50%o [Kastner et al.,
2008a] (the DIC being less than the loss of SO,* because of authigenic carbonate
precipitation). Although this has been observed at some locations with underlying gas
hydrate, often DIC at the SMT is >30 mM and has a §**C >-30%o (Figure 2) [Paull et al.,
2000b; Borowski et al., 2000; Claypool et al., 2006, Torres and Rugh, 2006; Pohlman et
al., 2008; Kastner et al., 2008b; Torres and Kastner, 2009; Kim et al., 2011].

There are two basic explanations for relatively high DIC and §*3C across the SMT
in regions with gas hydrate [cf. Kastner et al., 2008a; Dickens and Snyder, 2009]. First,

rather than AOM, sulfate reduction of particulate organic carbon (POC) consumes much
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of the pore water SO,* in shallow sediment. This bacterially mediated reaction [Berner,
1980; Boudreau and Westrich, 1984], here and elsewhere alternatively referred to as
degradation of POC or organoclastic sulfate reduction, can be expressed as:
2CH,0 (s) + SO —» 2HCO; +H.,S. )

Notably, the reaction generates two moles of HCO3 for each mole of SO4*, in contrast
to AOM where the stoichiometry is 1:1 (Equation 1). The &%C of POC in marine
sediments typically lies between -26%. and -16%. [e.g., Conrad, 2005; Kim et al., 2007],
and there is minimal fractionation of carbon isotopes during such sulfate reduction.
Sulfate consumption via POC, therefore, should lead to higher DIC concentrations with
greater §3C than expected from AOM [Claypool et al., 2006; Kastner et al., 2008a;
Torres and Kastner, 2009]. However, this explanation fails to explain the high DIC (>40
mM) and modest *C-depletion in DIC (<-15 %) at some sites (Figure 2). Alternatively,
along with CH,, HCOj3 enriched in *3C can enter the SMT from below. Such *3C-rich
HCO3 forms during methanogenesis [e.g., Conrad, 2005], and a contribution from this
source would also lead to elevated DIC concentrations with relatively high §*3C across
the SMT [Dickens and Snyder, 2009; Kim et al., 2011].

We assess the alternate explanations for DIC concentration and carbon isotopic
composition within the context of a numerical model for gas hydrate distribution. First,
we review two sites with gas hydrate but very different carbon chemistry across the
SMT. We then extend a 1-D model for gas hydrate accumulation in marine sediment
[Bhatnagar et al., 2007, 2008, 2011] such that it more fully incorporates carbon
chemistry. Specifically, we include equations for both sulfate consumption reactions

(Equations 1 and 2), coupled mass balance equations for CH,, SO,*, DIC and Ca**,
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and coupled mass balance equations for the **C and **C of CH, and DIC. We show how
mixtures of DIC derived from AOM and from depth can explain the wide difference in
concentrations and &C of DIC across the SMT at both sites, and discuss the

implications of this result.

2. Pore water profiles across the sulfate-methane transition
2.1 Overview

Sediment cores have been recovered from many continental margins where
underlying strata hosts gas hydrate [e.g., Kvenvolden, 1993; Paull et al., 1996;
Shipboard Scientific Party, 1996, 2003a, 2003b; Snyder et al., 2007; Hiruta et al., 2009;
Kim et al., 2011]. From these cores, pore water profiles have been generated, showing
how concentrations of dissolved constituents change beneath the seafloor. Not all cores
(or sets of cores in the case of drilling) penetrate the SMT, and very few cores have
been examined for a wide array of dissolved constituents at high depth resolution.
Nonetheless, two “end-member” cases appear to exist with regards to the concentration
and 8*3C of DIC across the SMT (Figure 2). These can be highlighted with data from
two locations, which frame current discussions regarding carbon cycling across the
SMT [e.g., Claypool et al., 2006; Kastner et al., 2008a; Dickens and Snyder, 2009], as

well as our modeling.

2.2 Site 1244 (Hydrate Ridge)
Ocean Drilling Program (ODP) Leg 204 drilled Site 1244 at 890m below sea level

(mbsl) on the eastern flank of Hydrate Ridge offshore the central coast of Oregon
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[Tréhu et al., 2003]. The pressure and temperature at the seafloor are 8.72 MPa and
3.8°C. Given a measured geothermal gradient of 0.061°C/m and the predominance of
CH4 (>99%) in gas samples [Kvenvolden, 1995], the base of the GHSZ should be ~133
m below seafloor (mbsf). Seismic data indicate a BSR at ~124 mbsf [Tréhu et al., 2003].
As true with many locations, however, the amount and distribution of gas hydrates
between the seafloor and the base of the GHSZ remain uncertain. Various approaches
for detecting and quantifying gas hydrate suggest average gas hydrate saturation
between 2 and 10% of pore space below a depth at around 50 mbsf, which is
apparently the top of the gas hydrate zone [Tréhu et al., 2003; Lee and Collett, 2006].

Headspace CH,4 concentrations rise from 0.2 to 6.5 mM between 7 and 16 mbsf
[Shipboard Scientific Party, 2003b]. Beyond this depth, in situ methane concentrations
exceed those for gas solubility after core recovery (~STP), so they have little meaning
[Paull et al., 2000a; Shipboard Scientific Party, 2003b]. Methane 3'3C values range
between -65%0 and -77%. [Milkov et al., 2005; Claypool et al., 2006]. The amount and
average isotopic composition of organic carbon through the sequence are 1.27 wt%
[Shipboard Scientific Party, 2003b] and -24%o [Yu et al., 2006], respectively.

The SO.* profile at Site 1244 (Figure 3a; [Tréhu et al., 2003]) is somewhat
complicated. Values decrease from 29.7 mM near the seafloor to 21.3 mM at ~4 mbsf;
below, they drop nearly linearly to <1 mM by 9.2 mbsf. This is where CH, rises above
1.8 mM, and dissolved Ba®* increases markedly [Tréhu et al., 2003]. The latter is
noteworthy because Ba?* profiles (when measured) often show a steep rise just below

the SMT [e.g., Snyder et al., 2007].
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Alkalinity increases from 2.8 mM near the seafloor to 37 mM at 8.5 mbsf; below,
it rises to ~64 mM at 37 mbsf (Figure 3b; [Tréhu et al., 2003]). The pH throughout the
interval is between 7.1 and 8.1 [Shipboard Scientific Party, 2003b], strongly suggesting
that alkalinity, DIC and HCOg3™ concentrations are nearly the same. Thus, there is a
distinct change in HCO3™ gradients across SMT, but values continue to rise with depth.

Dissolved Ca®" is ~10 mM near the seafloor and decreases to ~4 mM at the
SMT,; below, it slowly decreases (Figure 3c; [Tréhu et al., 2003]). An obvious inflection
in Ca®* concentrations, opposite to that of alkalinity, spans the SMT.

Profiles of DIC 5'C also display inflections across the SMT. The "3C of DIC is
0%o near the sediment-water interface and decreases to a minimum of -22.5%. at ~7.8
mbsf. Values then increase to +15%. by ~55 mbsf (Figure 3d; [Torres and Rugh,

2006]). Importantly, the 3*3C profile displays “concave-down” curvature below the SMT.

2.3 Site KC151-3 (Keathley Canyon)

A Department of Energy-sponsored Joint Industry Program drilled Site KC151-3
at 1322 mbsl in Keathley Canyon in the northern Gulf of Mexico [Ruppel et al., 2008].
The pressure and temperature at the seafloor are 12.95 MPa and 4°C. Given the
geothermal gradient of 0.038°C/m and the predominance of CH4 in gas samples, the
base of the GHSZ should be at ~314 mbsf. A BSR is present between ~380 mbsf
[Kastner et al., 2008b] and 390 mbsf [Ruppel et al.,, 2008]. Several studies showed
uneven distribution of gas hydrates in fractured silty-clayey sediments between 220 and
300 mbsf occupying 1-12% of pore volume [e.g., Cook et al., 2008; Lee and Collett,

2008; Kastner et al., 2008b]. Cook et al. [2008] reported a few occurrences of fracture-
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filled hydrates in the shallow sandy clays between 110 and 115 mbsf, which might be
interpreted as being near the top of the gas hydrate zone.

Headspace CH,4 concentrations rise from 0 to 13.8 mM between 5 and 12 mbsf
[Lorenson et al., 2008]. Again, deeper values probably represent residual CH, after
significant degassing [Paull et al., 2000a; Lorenson et al., 2008]. Methane 3'3C values
increase from -78.2%o to -73.8%o0 between 16 and 44 mbsf, and remain ~-72%o. in deeper
strata [Lorenson et al., 2008]. The amount of organic matter in the sediment sequence
ranges from 0.44% to 0.95% [Winters et al., 2008]. The 3'3C of bulk sediment organic
matter ranges from -19.7%o to -21.7%o in this region, at least near the sediment-water
interface [Goni et al., 1998].

The SO,* concentration profile at Site KC151-3 (Figure 3a; [Kastner et al.,
2008Db]) has a profile somewhat similar to that at Site 1244. Values decrease from ~28
mM near the seafloor to 16.5 mM at ~7 mbsf; below, they drop to <1 mM at ~10.4 mbsf.

By contrast, the alkalinity profile (Figure 3b; [Kastner et al., 2008b]) is much
different than that at Site 1244. Alkalinity gradually increases from <3 to 6.7 mM across
the upper 6 m of sediment, and reaches a maximum of 16.1 mM at 10.4 mbsf. Alkalinity
then drops, such that it is <4 mM at 24 mbsf. Assuming that alkalinity comprises mostly
HCOg', there is an obvious bicarbonate peak at the SMT.

Dissolved Ca®" is ~10 mM near the seafloor and decreases to ~8 mM at the
SMT; below, it slowly increases to ~14 mM at greater depths of ~40 mbsf (Figure 3c;
[Kastner et al., 2008b]). Thus, as at Site 1244, there is a minimum in Ca®* at the SMT.
However, the Ca®" profile is complicated at Site KC151-3 because a brine exists at

depth [Kastner et al., 2008b]. Extremely saline water with high concentrations of Ca**
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(and other species) fills pore space of deep sediment across much of the northern Gulf
of Mexico [e.g., Kharaka et al., 1987; Macpherson, 1989; Castellini et al., 2006].

As at Site 1244, the 5'°C of DIC has a minimum at the depth of maximum
alkalinity (Figure 3d; [Kastner et al., 2008b]). However, it drops from 0%. near the
seafloor to -49.6%o at this horizon, and increases to only +6%. by 100 mbsf. Thus, the
5'3C of DIC exhibits a clear inflection across the SMT, but is generally lower beneath

the SMT compared to Site 1244.

3. Numerical model
3.1 General framework

Several one-dimensional (1-D) numerical models for gas hydrate accumulation in
marine sediment have been developed [e.g., Rempel and Buffett, 1997; Egeberg and
Dickens, 1999; Xu and Ruppel, 1999; Davie and Buffett, 2001, 2003a, 2003b; Liu and
Flemings, 2007; Bhatnagar et al., 2007]. Although they have notable differences, these
models have similar conceptual frameworks. A series of coupled mathematical
expressions (i.e., mass, momentum and energy transport equations) express the
following basic processes. Particles, including organic carbon, settle on the seafloor and
become part of sediment, which has seawater within pore space. During burial,
pressure and temperature increase, porosity decreases, and a fraction of POC converts
to CH,4 below the SMT. Methane can also be contributed from depth. Dissolved CH,4 can
move between sediment depths during burial because of diffusion, advection, or both.
At appropriate pressure, temperature and water activity, dissolved CH, concentrations

can surpass those for gas hydrate or free gas saturation. Eventually, steady-state
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conditions are reached. At this point, as well as at transient states before, there is a
distribution of CH, with respect to depth. The CH4 can occur dissolved in water, as gas
hydrate, or within free gas.

There are problems with current 1-D models. In particular, they do not account
for changes in water activity (~salinity) caused by gas hydrate formation and
dissociation [e.g., Egeberg and Dickens, 1999; Milkov et al., 2004], for heterogeneities
in sediment properties over depth [e.g., Tréhu et al, 2003; Malinverno et al., 2008], or
for lateral variations in various parameters. As such, resulting simulations give broad
profiles for the amount of CH,4 occurring dissolved in water, in gas hydrate, and in free
gas with respect to depth. The various models also include several assumptions. For
example, reaction rates and diffusion coefficients do not change with depth and
temperature in the model by Bhatnagar et al. [2007]. Nonetheless, when appropriate
parameters are incorporated, the CH, profiles generated from numerical modeling
provide good first-order descriptions of CH, profiles at sites that have been examined by
direct measurements [e.g., Davie and Buffett, 2001, 2003a; Liu and Flemings, 2007;

Bhatnagar et al., 2007, 2011].

3.2 Basic model

One recent and encompassing 1-D numerical model for gas hydrate
accumulation in marine sediments has been developed and described by Bhatnagar et
al. [2007]. This model differs from others in two important aspects. First, it computes
mass balances for a system in thermodynamic equilibrium over geologic timescales, so

avoids the necessity of kinetics regarding hydrate formation. Second, it frames results in
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terms of dimensionless groups. This enables identification of key factors controlling gas
hydrate distribution and accumulation, and allows results to be compiled (and
compared) for a wide range of model parameters.

Three sets of mathematical expressions underpin this model [Bhatnagar et al.,
2007]. There are those that: (1) calculate appropriate CH4 phase equilibrium and
solubility curves; (2) describe sediment burial and porosity reduction; and (3) account
for mass conservation of CH4, water, and organic carbon. The latter includes
expressions for CH, diffusion driven by concentration gradients, fluid advection resulting
from sediment burial and compaction, and external fluid flow caused by overpressure in
deeper sediments. Parameters and equations for this model are presented, defined and
explained by Bhatnagar et al. [2007]. We re-introduce some of these here for
clarification and expansion.

In the original model, CH, escaped the GHSZ over time through burial (as
dissolved gas or free gas) or through the seafloor. Clearly, the latter does not happen at
most locations, because of an SMT at or near the seafloor (Figure 1). The model was
thus extended with mathematical expressions that coupled CH, and SO,* consumption
in shallow sediment [Bhatnagar et al., 2008, 2011]. It was assumed that CH,4 drove all
net SO, consumption, following arguments made by numerous authors [e.g.,
Reeburgh, 1976; Borowski et al., 1996, 1999; Snyder et al., 2007]. Both the original and
revised models give good first-order estimates for the amount and distribution of gas
hydrate at different sites (e.g., ODP Sites 889 and 997; IODP Sites U1325 and U1326)
with appropriate input parameters [Bhatnagar et al., 2007, 2008, 2011]. However, the

models were not evaluated with coupled mass balances for carbon. Other models for
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gas hydrate accumulation likewise do not track DIC, its carbon isotope composition, and
authigenic carbonate precipitation. Without revision, they cannot be used to assess the
divergent explanations for the concentration and 8'3C of pore water DIC across the

SMT.

3.3 Updated model: Reactions
Carbon cycling within and above marine gas hydrate systems involves multiple

chemical reactions. At the most basic level, four must be considered (excluding those
relating to CH4 phase changes). These are, with their corresponding rates:
() Methanogenesis (fermentation in sediment below the SMT)

2CH,0 +H,0—CH,+HCO, +H" [ o = AL (3)
(i) Anaerobic oxidation of methane (at the SMT)

CH, +SO; —HOO, +HS +H,0 Fom = oG G 4)
(i) Organoclastic sulfate consumption (between the seafloor and the SMT)

2CH,0 + SO —2HCOO, +HS +H" e = ~AoocC, (5)
(iv) Authigenic carbonate (calcite) precipitation (below the seafloor)

ACe,
s — (6)
At

HCO; + Ca* - H" + CaCO, { r
where r = rate of reaction, A4 = first-order methanogenesis reaction rate constant, 4,

and A, refer to second-order reaction rate constants for AOM and POC-driven sulfate

consumption respectively; « = organic carbon content in sediment, ¢ = component

mass fraction, and t = time; and, the subscripts m, s, CaCO, refer to CH,, SO,*, and

CaCO3 components respectively, and the superscript | refers to the liquid phase
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(Appendix A). Note that the first three reactions (Equations 3-5) are modeled as
irreversible and expressed with a kinetic rate, while the fourth reaction (Equation 6) is
modeled as a reversible equilibrium reaction. Whenever pore water concentrations
exceed equilibrium, we assume stoichiometric amounts of DIC and Ca*" precipitate as
calcium carbonate. The rate of this reaction in the model is the amount of calcium
carbonate formed over a unit timestep. Thus, our model ignores hydrate formation
kinetics but includes CH,4 formation kinetics (Equation 3).

We acknowledge that methanogenesis (Equation 3) involves intermediate
reactions (Appendix B). We also assume that excess H* produced by the above
reactions forms dissolved organic acids and ammonium ion, because pore waters in
gas hydrate systems can have a deep yellow color and very high NH;" concentrations
[e.g., Shipboard Scientific Party, 1996, 2003a, 2003b]. These species can then advect
or diffuse, although we do not model this. Lastly, we equate carbonate precipitation to
calcite precipitation throughout this work for simplicity. Authigenic calcite certainly forms
near the SMT above many gas hydrate systems [e.g., Rodriguez et al., 2000; Snyder et
al.,, 2007], although other carbonate minerals (aragonite and dolomite) can also

precipitate [Bohrmann et al., 1998; Greinert et al., 2001].

3.4 Updated model: Equations

Starting with the existing model framework [Bhatnagar et al., 2007, 2008], key
mass balance equations are revised (Appendix C) to include organoclastic sulfate
consumption (Equation 5) and calcite precipitation (Equation 6). Additionally, we track

the *C and *°C isotope compositions of CH, and DIC, the two carbon species in our
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model. We determine *?C and **C compositions of CH, and DIC by multiplying the
concentration and *C/*?C ratio of the species. Isotope compositions are then
normalized to those of the Pee Dee Belemnite (PDB) standard, such that they are
computed and expressed in conventional delta notation (3*3C) over time and depth.

The mass balance equations are then rewritten in dimensionless form (Appendix
C) following previous work [Bhatnagar et al., 2007, 2008, 2011]. This reduces the
number of parameters describing a particular system, and allows for straightforward

comparisons of different systems from a mechanistic perspective.

3.5 Numerical solution

The dimensionless mass balance equations (Equations C23-C29) were solved
in conservative form for specified initial and boundary conditions (Equations C32-C46)
to obtain steady-state solutions. The hyperbolic dimensionless partial differential
equation for POC (Equation C23) was solved numerically using an implicit, block-
centered, finite-difference scheme. To solve the other six equations (Equations C24-
C29), explicit numerical schemes were formulated. These six partial differential
equations were recast in a finite difference form and solved with simultaneous update of
the POC profile in time. Solution to the above equations ensured no material loss (all
simulations had material balance errors <10®). A single-point, upstream weighting was
used to formulate the sediment and fluid advection terms. To calculate fluxes across
numerical grid faces, upstream grid point values (for species concentration) were used,

as opposed to using average values at two adjacent grid points.
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4. Results and Discussion
4.1 Steady state concentration profiles

4.1.1 Case 1: Site 1244

Site 1244 is characterized by significant CH, generation at relatively shallow
depth (z<L,), and relatively low fluid advection [Pohiman et al., 2009]. Steady-state
concentration profiles were simulated (Figure 4) for parameters (Table 1) given or
inferred from reports for this location [Tréhu et al., 2003]. The sedimentation rate was
used to calculate a Pe, of 0.044. Because this relates to sediment burial and porosity
reduction (Equation C18), this parameter was fixed for all simulations at this location.

The thickness of the SMT (as opposed to depth) should depend on Da,g,
[Bhatnagar et al., 2008]. The dimensionless number, Da,,,, characterizes the rate of

AOM reaction to diffusion. We chose Da,,,, =10° for all simulations unless otherwise

specified, because this results in a thin overlap of CH, and SO,* profiles at the SMT, as
observed in many locations (although difficult to prove at Site 1244 with the low sample
resolution, Figure 3a).

The normalized dissolved CH,4 concentration profile (Figure 4a) shows near-zero
values at the SMT (Z =0.08 or 10.6 mbsf) underlain by a rapid rise with increasing depth
(n.b., concentration profiles are plotted to the base of the GHSZ, 7=1, although
simulated to Z=2). Upon exceeding local solubility conditions, excess CH4 would form
gas hydrate. This depth occurs at Z=0.65 (or 86 mbsf), with the chosen parameters

(Table 1) and Pe, = -1, which relates to an upward fluid velocity 0.2 mm/yr. There

should exist relationships between pore water SO4* concentrations, pore water CHy
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concentrations, CH, solubility, and the shallowest occurrence of gas hydrate (Figure 1).
These are emphasized elsewhere [Bhatnagar et al., 2008, 2011]. Here, the primary
points are that CH,4 rises from depth due to a combination of advection and diffusion,
and it decreases to near zero concentration at the SMT. The overall profile emerges
because of dissolved CH4 production below the SMT, because of internal cycling of
methane phases within the GHSZ (although not specifically modeled in this paper), and
because of AOM at the SMT. Moreover, as discussed below, an increase in upward
fluid flux moves the methane profile and the SMT to shallower depths.

Normalized SO4* concentrations drop nearly linearly from unity at the seafloor to
effectively zero at the SMT (Figure 4a). This depth lies at Z=0.08 (10.6 mbsf) with the

aforementioned initial estimates, and relatively high and low values for dimensionless

groups related to rates for AOM (Da,,, =10°) and organoclastic sulfate reduction

(Dapy. =10°). The combination of AOM (at the SMT) and organoclastic sulfate reduction

(between the seafloor and the SMT) removes all SO,*. However, with these group
values, AOM dominates net SO;* consumption.

The depth of the SMT should change with upward methane flux [e.g., Borowski
et al., 1996; Davie and Buffett, 2003b; Bhatnagar et al., 2008]. This can be simulated

under conditions of finite Pe, but varying Pe, (Figure 4). For example, with conditions
stated so far, as the magnitude of Pe, rises from 1 to 3, the SMT shoals from Z=0.08 to

7=0.03 (4 mbsf). The SO,* profile at Site 1244 exhibits a slight concave-up curvature

above the SMT, which could reflect a drop in sediment porosity with increasing depth

over the upper few meters [Dickens, 2001b]. Physical property records at Site 1244
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appear consistent with this interpretation [Shipboard Scientific Party, 2003b], although
we have not incorporated such heterogeneity into our simulations.

The case where Pe, is -1 is particularly interesting. This gives pore water CH,

and SO4 profiles similar to those at Site 1244, including an SMT at 10.6 mbsf (Z =0.08)

(Figure 4a). Moreover, with Pe, = -1, the CH,4 profile intersects the solubility curve at

Z=0.65 (86 mbsf), (not shown here). This would mark the shallowest occurrence of gas
hydrate, which is about the depth (50 mbsf) reported in field observations [Tréhu et al.,

2003; Lee and Collett, 2006].

With the initial estimate (Pe, = -1), the model simultaneously simulates

normalized pore water profiles of DIC and Ca®* concentrations, and the 5**C of DIC. For

DIC, values increase from unity at the seafloor (c, ,= 2.4 mM) to 16.6 (= 39.8 mM) at the

SMT (Z=0.08); below, values increase more gradually with depth, giving rise to a
curvature similar to observations (Figure 4b). The overall shape arises for three primary
reasons: first, methanogenesis generates considerable DIC at depth; second, this DIC
enters the SMT through advection and diffusion to mix with DIC generated by AOM;
third, DIC decreases from the SMT to the seafloor as it leaves the sediment through
advection and diffusion. Calcite precipitation also removes a small amount of DIC within

0.5 m around the SMT.

The previously-noted simulations with different Pe, demonstrate the effect of

increasing upward fluid flux upon the shape of the DIC profile (Figure 4b). As external
advection (and CH, input from depth) increases, the SMT shallows and the production
of DIC at this horizon (by AOM) accelerates. In addition, greater amounts of DIC

generated by methanogenesis ascend with pore fluids. The total effect is to amplify the
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“kink” in the DIC profile, such that greater amounts of DIC leave the system through the
seafloor.
Normalized Ca** concentrations (Figure 4c) decrease from unity at the

sediment-water interface (¢, ,= 10 mM) to 0.37 (= 3.7 mM) at the SMT. Below this,

values continue to drop, although at a more gradual rate. The generic shape of the Ca®*
profile arises for three fundamental reasons: first, seawater Ca** enters the SMT from

above, through diffusion; second, advection carries the fluid upward ( Pe, + Pe, < 0); and

third, Ca®* reacts with DIC to precipitate as carbonate. These factors also make the
Ca®* concentration profile a “mirror-image” of the DIC profile (albeit somewhat
distorted). As such, an increase in upward fluid flux changes the shape of the Ca**
profile predictably: above the SMT, the gradient steepens; below the SMT, the gradient
lessens slightly (Figure 4c). This is because fluids depleted in Ca®* rise from depth and
increased fluid flux causes greater CaCOj3 precipitation. Additionally, increased delivery
of DIC from below promotes CaCOj3 precipitation and likewise the demand for Ca®* from
seawater, resulting in the steepened Ca®* gradients above the SMT.

The steady state profile for the 5*3C of DIC (Figure 4d) is especially interesting.
For the initial estimates, the 8*C of DIC drops from zero at the seafloor to -26%o at the
SMT, but with “concave-down” curvature; below the SMT, it increases with depth to
more positive values (+20%o), again with “concave-down” curvature. Importantly, the
value at the SMT and the shape around the SMT are not prescribed in the model.
Instead, these occur for two reasons. First, DIC produced during methanogenesis and
having an initial 5*3C of +20%. rises from depth to mix with DIC generated at the SMT

and having a 3'3C of -66%.. Second, this “mixed-source” DIC moves toward the
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seafloor, where DIC is fixed at 0%0.. With an increase in external fluid flux, the 313C of

DIC at the SMT attains a negative peak (~-25%0 when Pe, = -3) at a relatively shallower

depth. In summary, this pore water 8'°C profile arises in a system where AOM

dominates net consumption of SO, in shallow sediment.

4.1.2 Case 2: Site KC151-3

Site KC151-3 differs from Site 1244 in two fundamental ways: fluids rich in CHy4
and poor in SO4* rise from depth but at a relatively high rate [Dugan, 2008; Daigle and
Dugan, 2010]; and concentrations of pore water DIC and Ca®" are low (<10 mM) and
high (>20 mM), respectively, at the base of the simulated domain. We model pore water
concentration profiles at Site KC151-3 (Figure 5) in an identical manner to those at Site
1244, but with a different set of parameters based on observations for Site KC151-3
(Table 1).

From the sedimentation rate, we calculated a Pe, of 0.095. Our initial estimate for
Pe, was -2, which relates to an upward fluid velocity 0.17 mm/yr (comparable to Pe, = -
1 at Site 1244). The dimensionless groups related to AOM rate (Da,,, = 10®%) and
organoclastic sulfate reduction (Da,,. = 10°) used to model location KC151-3 were the

same as used for Site 1244. The combined effects of AOM (at the SMT) and
organoclastic sulfate reduction (between the seafloor and the SMT) are responsible for

net SO, consumption, although owing to the relatively low value of Da,,., AOM is

dominant also at KC151-3.
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The normalized dissolved CH,4 profile (Figure 5a) is zero between the seafloor
and the SMT (Z=0.05 or 15.7 mbsf). Below 15.7 mbsf, it shows a rapid increase with
depth. Methane concentrations intersect those on the solubility curve at Z=0.45 (or 141
mbsf). This should mark the shallowest possible occurrence of gas hydrate, but log
interpretations suggest gas hydrate occurs between 110 and 115 mbsf [Cook et al.,
2008].

Normalized, steady-state SO,* concentrations (Figure 5a) decrease nearly
linearly from unity at the sediment-water interface to near-zero at the SMT (Z=0.05). As
at Site 1244, the SO,* data exhibit a slight concave-up curvature above the SMT at Site
KC151-3. The simulated SO4* profile does not show such curvature, and this may again
relate to a drop in porosity over the first few meters.

Upon increasing the external fluid flux (and the magnitude of Pe,), the SMT
shoals (Figure 5a). For one particular parameter choice (Pe, =-3), the S04> profile

drops to near-zero concentration at Z=0.031. This implies that the SMT and the top of
gas hydrate occur at ~9.8 mbsf and ~82 mbsf (Z=0.26), respectively. These values
agree favorably with field data, which suggest 10.4 mbsf and 110 mbsf respectively.
Normalized DIC profiles (Figure 5b) contrast markedly with those at Site 1244,
irrespective of fluid flux. For the initial estimate, concentrations increase with depth until
the SMT, below which they decrease to very low values (~4 mM). The prominent DIC
peak at the SMT arises for four primary reasons: first, and most importantly, AOM
generates DIC at the SMT; second, this DIC, through advection and diffusion, leaves

the SMT; third, methanogenesis produces DIC at depth; fourth, pore fluids enriched in
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Ca?* react with DIC below the SMT. Calcite precipitation also removes relatively more
DIC below the SMT at this location.

An increase in upward fluid flux changes the shape of the DIC profile above and
below the SMT (Figure 5b). However, the reason is somewhat different than that for
Site 1244. A higher fluid flux results in greater CH,4 input to the SMT, greater DIC
generation by AOM, greater DIC input to the SMT from depth, and greater DIC removal
from the SMT towards the seafloor. It also raises the Ca** input from depth, which leads
to greater calcite precipitation, below the SMT. Similar to SO,*, DIC profiles also

approach the field data for a value of Pe, = -3.

Normalized pore water Ca®" concentrations (Figure 5c¢) drop from unity at the
seafloor to a low value at the SMT and then increase to a constant value at depth. The
shape of Ca®" profiles arises for multiple reasons: first, Ca** from the ocean water
enters the SMT from above due to diffusion; second, a high flux of Ca®" enters the SMT
from deeper strata, through advection and diffusion; a third, significant amount of calcite
precipitates. The combination gives rise to the unusual Ca®* profile with a “dip” below
the SMT. A higher upward fluid flux compresses this dip because of greater Ca*" input
from depth, and because of greater calcite precipitation (Figure 5c). Our model

matches the data well when Pe, =-3.

The modeled profiles of DIC &'3C differ significantly from those at Site 1244 in

terms of magnitude (Figure 5d). For the initial estimate (Pe, =-2), normalized 53C of

DIC is zero at the seafloor, drops to an extreme of -62%. at the SMT, and then

increases gradually with depth, but only to 10%.. On increasing fluid flux from depth, the
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5"3C values similarly drops from 0%o to a negative peak at a relatively shallower SMT,
then increases more rapidly to more positive values at greater depth.

Crucially, the values and the curvature of the DIC &C profile result from
modeling the CH, and SO4* mass balances using basic parameters for the site; they
are not specified. Moreover, and importantly, the values and the curvature arise for
same general reasons as at Site 1244. The difference between the sites mainly occurs
because the flux and carbon isotopic composition of DIC entering the SMT from below
are less at KC151-3, and because the DIC produced at SMT (by AOM) has a more **C-
depleted value (3*3C = -70%o). In other words, the proportion of DIC entering the SMT
from depth versus that produced by AOM is much lower at Site KC151-3 compared to
Site 1244. This gives a lower DIC concentration at the SMT and a more negative peak

in DIC 3C at the SMT.

4.2 Variations in AOM and Organoclastic Sulfate Reduction

Anaerobic oxidation of methane at the SMT with minimal organoclastic sulfate
reduction at or above this horizon explains pore water profiles across the SMT at Sites
1244 and KC151-3. The very different carbon chemistry at these sites is predicted by
the numerical simulations because of major differences in the supply and isotope
composition of DIC from depth. So far, an unresolved issue is how changes in the
relative proportion of AOM and organoclastic sulfate reduction would affect the profiles.

This can be assessed by changing Da,,,, and Da,,. in model simulations for Site 1244.
A decrease in Da,,, from its initial value of 10° to 10 illustrates the effect of this

dimensionless number on pore water profiles (Figure 6a) with same parameters used to
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simulate the field data at Site 1244 (Appendix A). As reported by Bhatnagar et al.

[2008], a decrease in Da,,, slows the AOM reaction, and leads to a thicker SMT.
Because the SMT horizon is usually thin (<2 m), this small value of Da,g, is probably
unrealistic. Moreover, a smaller Da,,,, lowers the DIC generation at the SMT by AOM,

and the Ca?* removal by calcite formation. This would render higher Ca*

concentrations at and above the SMT, and a more negative 33C values for DIC. These

simulated profiles (Da,,, =10°) would not match data at the site, suggesting typical
values of Da,q,, are slightly on the high side. Thus, it is unlikely to have a small Da,,, ,

implying relatively greater proportion of AOM reaction at the SMT at Site 1244.
An increase in Da,.. should result in higher consumption of POC and SO,*
between the seafloor and the SMT, resulting in higher DIC generation above the SMT.

This would deplete SO,* at a faster rate and result in non-linear profiles with a

“concave-down” curvature. The pore water SO,% profile is near-linear above the SMT at

most locations overlying gas hydrate. Thus, increasing Da,,. does not result in non-

linear profiles if AOM is dominated (Da,,, =10°). Consequently, POC also gets

depleted faster, leading to less available POC to form CH,, thereby reducing the
production of CH, and DIC by methanogenesis. As a result, the fluids are richer in Ca?*
and 3'3C of DIC is much more negative due to low DIC flux entering the SMT from

below (Figure 6b). Hence, increased Da,.. (=10 is not realistic, since we cannot

match the data and non-linear (“concave-down” curvature) SO4* profiles are not
commonly observed at most sites. Furthermore, AOM, is always more dominant over

organoclastic sulfate reduction and influences shape of profiles across the SMT.
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4.3 Concentration Cross-plots of Alkalinity and Sulfate

Excess alkalinity (Alk*) represents the amount of DIC that would occur in pore
water if authigenic carbonate had not precipitated; it can be calculated by summing the
deviations in pore water alkalinity, Ca*, and Mg relative to their respective
concentrations in seawater. Plots can be constructed showing changes in excess
alkalinity (AAIk*) versus changes in SO4* (ASO4%) (Figure 7). Such cross-plots have
been used to interpret the relative influence of organoclastic sulfate reduction and AOM
upon SO,* consumption in sediment above the SMT [e.g., Claypool et al., 2006;
Kastner et al.,, 2008a; Torres and Kastner, 2009]. Because of the different molar
guantities in the reactions (Equations 1 and 2), the idea has been that a, 1:1 slope
would support SO4> removal by AOM, a 2:1 slope would support SO4* removal by
POC, and a slope in between would support consumption by both processes. Data from
Site KC151-3 above the SMT lie on a 1:1 slope (Figure 7). By contrast, at Site 1244, a
nearly 2:1 slope in AAlk*: ASO,* characterizes pore waters above the SMT (Figure 7).
This observation has been argued to indicate POC driven SO4* consumption at Site
1244 [Kastner et al., 2008a], However, presentation and discussion of the data in such
a manner assumes a closed system with little or no mass transfer of dissolved
constituents, and fails to account for changes in DIC below the SMT [Dickens and
Snyder, 2009].

The departure of alkalinity (DIC) and SO,* concentrations relative to their

respective seawater values can be obtained from the simulated steady-state pore water
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profiles. Because we have not included Mg®* in our modeling, AAIk* is only computed
using DIC and Ca®* concentrations. We consider a series of simulations.

For the first three simulations, parameters pertain to Site 1244. However, the
fluid flux and the relative proportion of SO4* consumption by AOM and organoclastic

sulfate reduction are adjusted by changing Pe,, Da,,, and Da,,. (Figure 8). All three

simulations give a 2:1 relation in AAIk*:ASO,* (Figure 8).

In the first case, there is zero external fluid flux, no methanogenesis, no AOM
and only organoclastic sulfate reduction. Although a 2:1 slope in AAlk*:ASO,* occurs,
pore water profiles (not shown here) do not conform to observations. Pore water SO,*
decreases gradually with a “concave-down” curvature. Pore water DIC increases with
depth until the SMT, below which it attains a constant value as DIC is carried down by
advection (burial) and diffusion. The 8*3C of DIC is zero at the seafloor, and attains a
constant negative value at and below the SMT. Without methanogenesis, there is no
change in the DIC and 3*3C of DIC below the SMT.

In the second and the third cases, there is a low fluid flux (Pe,= -0.1),

methanogenesis (and thus a deep source of DIC), and AOM. The third case includes
organoclastic sulfate reduction. In these cases, a 2:1 slope in AAIk*:ASO4* occurs and
the profiles generally match the data.

Clearly, a cross-plot showing 2:1 slope for in AAIk*:ASO,*> above the SMT
concentration does not imply organoclastic consumption of SO4*. It can result from
multiple combinations of fluid flux with AOM and a deep source of DIC (from
methanogenesis). More interestingly, changes in the fluid flux or the rate of

methanogenesis and deep source DIC concentration can affect the slope (Figure 9a).
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An increase in upward fluid flux (greater magnitude of Pe,) will generally decrease the

slope on a AAIk*:ASO,4 cross-plot. This is because the SMT shoals (Figure 4) and also
high flux of DIC enters the SMT from depth. By contrast, an increase in methanogenesis
(higher Da) and a higher concentration of DIC at depth will generally increase the slope
(Figure 9a). This is because a greater concentration of DIC at depth as a result of
methanogenesis can then enter the SMT through advection and diffusion.

Simulated profiles for Site KC151-3 consistently render points that lie beneath a
2:1 slope; in fact, the slope in AAIk*:ASO.? is less than 1:1 (Figure 9b). This reflects the
dual facts that a portion of DIC leaves the SMT to accumulate as carbonate beneath
this horizon, and that excess Ca®* enters shallow sediment from below. An increase in
upward fluid flux would decrease the slope of the cross-plot similar to our above result
shown at Site 1244 (Figure 9a). In any case, the slope of the line does not indicate the

reaction.

4.4 Flux cross-plots

In contrast to using AAIk*: ASO,4* cross-plots, concentration gradients of alkalinity
(DIC), SO,* and Ca?" in and out of the SMT might be used to evaluate the role of AOM
[Luff and Wallman, 2003; Snyder et al., 2007; Dickens and Snyder, 2009; Kim et al.,
2011]. The basic idea is that the gradients are proportional to fluxes, so that the sum of
changes across the SMT should balance.

Starting from our simulated results, we compute concentration gradients by
linearly fitting the profiles above and below the SMT. Using these gradients, and

multiplying by sediment diffusion coefficients, we compute diffusive fluxes of CHs, SO4*
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and DIC across the SMT horizon. Advective flux of any dissolved species is a function
of fluid flux and the solute concentration. In the vicinity of the SMT, both the CH4 and
S0,4* concentrations approach zero. Thus, in the vicinity of the SMT both the transport
of CHs and SO,* are diffusion-dominated. Furthermore, the net advective DIC flux
across the SMT is calculated as a difference in deeper flux from/to deeper sediment and
shallow flux to/from the seafloor. Across the SMT, this net advective DIC flux is zero as
the individual deep and shallow advective DIC fluxes are equal and opposite in sign.
Hence, the total flux (sum of advective and diffusive flux) is equal to the diffusive flux
across the SMT.

The diffusive fluxes of CH4 and DIC are now plotted relative to the SO4* flux
(Figure 10). Crucially, this cross-plot (Figure 10) not only represents a diffusive flux
cross-plot, but it is also equivalent to a net flux cross-plot for a given pair of species.
Both CH,4 and DIC fluxes show a unique 1:1 correspondence relative to the SO4* flux.
This 1:1 correspondence implies dominance of the AOM at the SMT, due to its

stoichiometric balance (Equation 1). Increasing the reaction rate of organoclastic

sulfate reduction (Da,,.) by few orders of magnitude (~10°) does not alter the slope of

the flux cross-plot (Figure 10). Interestingly, increasing the rate of methanogenesis
(Da) and a high DIC source at depth also correspond to a 1:1 relation between
respective fluxes. In essence, the difference between DIC flux leaving the SMT toward
the seafloor and the flux entering the SMT from below is equal to the flux added at the
SMT by AOM. This DIC flux added due to AOM at the SMT corresponds to the SO;*
flux entering the SMT from above by a simple 1:1 correlation, again because of the

stoichiometric relationship between CH,, DIC, and SO4* (Equation 1). In all these
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cases the rate of downward SO,* flux via diffusion is able to keep pace with CH,

delivery from below, allowing DIC fluxes to also balance across the SMT.

4.5 Relationship between AOM and 5*C values

The data show a wide range in 3'3C values of DIC at the SMT in shallow
sediment of gas hydrate systems (Figure 2). A series of papers have used this to
discriminate between potential causes for pore-water SO,* consumption [Claypool et
al., 2006; Kastner et al., 2008a; Torres and Kastner, 2009]. The basic idea has been
that the ™C of DIC at the SMT relates to the relative proportion of DIC generated
through AOM and organoclastic sulfate reduction (Equations 1 and 2); the first reaction
would produce DIC exceptionally depleted in *C (5'3C <-40%o, depending on the CH,
source) whereas the second reaction would produce DIC moderately depleted in *3C
(5%3C ~-23%o), roughly corresponding the §**C values of POC.

This approach, however, is fundamentally flawed because it neglects other inputs
(and outputs) of DIC to the SMT, especially DIC rising from depth. At most locations
including Sites 1244 and KC151-3, the CH, is derived from methanogenesis
(Equations 3 and Appendix B). As such, both **C-depleted CH, and **C-enriched DIC
are generated [e.g., Conrad, 2005], and the latter can enter and leave the SMT through
advection and diffusion. The 8*C of DIC at the SMT, therefore, depends on the mixing
of DIC with different carbon isotope compositions. Our simulations clearly show that a
range of DIC 5*3C can (and should) occur across the SMT, even when AOM consumes

all SO, in shallow sediment.
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4.6 Influence of Carbonate Precipitation

Methane-charged sediment deposited on modern continental margins (including
Cascadia Margin and the Gulf of Mexico) often contains authigenic carbonate [e.g., Botz
et al., 1988; Greinert et al., 2001; Formolo et al., 2004]. Certainly, some of this
carbonate precipitates at or near an SMT [e.g., Rodriguez et al., 2000; Snyder et al.,
2007], consistent with our model (Figure 4 and 5). Authigenic carbonate has also been
found in sedimentary rocks deposited along ancient continental margins that
presumably contained high CH4 concentrations [e.g., Campbell, 2006]. Various lines of
evidence (e.g., biomarkers) suggest that some of this carbonate formed in association
with AOM [Peckmann and Thiel, 2004; Allison et al., 2008].

Authigenic carbonates, both modern and ancient, exhibit a wide range in 3'3C
[e.g., Greinert et al., 2001; Campbell, 2006]. Various workers have generally attributed
this spread to the relative inputs of HCO3; from AOM, the oxidation of higher
hydrocarbons, and organoclastic sulfate reduction [Botz et al., 1988; Greinert et al.,
2001; Formolo et al., 2004; Peckmann and Thiel, 2004; Campbell, 2006; Allison et al.,
2008]. Our model results highlight a basic problem with this approach. As discussed for
pore water, carbonate precipitating at or near the SMT should have a wide range in
5"3C, even when AOM is the proximal cause for carbonate precipitation. Vertical inputs

and outputs of DIC to and from the SMT must be considered.

5. Conclusions
We have updated a 1-D numerical model for the formation of gas hydrate in

marine sediment [Bhatnagar et al., 2007, 2008, 2011] so that it has coupled mass
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balance equations for CH,, SO4%, DIC, Ca** and the 8**C of CH,4 and DIC in pore water.
This is an important progression because concentrations and carbon isotopic
composition of these species must be impacted collectively if CH4 cycling in marine gas
hydrate systems includes sediment burial, CH4 production from organic carbon, an
upward flux of methane, and significant loss of CH, by AOM. Moreover differences in
key parameters, including solute transport from deeper sediment though advection and
diffusion, should cause significant variations in the pore water chemistry of shallow
sediment.

Model simulations were conducted at two locations: Site 1244 (Hydrate Ridge)
and Site KC151-3 (Gulf of Mexico). We chose these locations because they have very
different DIC concentrations and $'°C of DIC across the SMT. At both sites, the
simulations give good first-order descriptions for the profiles of CHa, SO4*, DIC, Ca*
and the &'C of CH, and DIC in shallow sediment (Figure 4 and 5). Importantly, model
results are constrained by field measurements of physical and chemical parameters,
and the concentrations and shapes of model profiles. Crucially, the concentrations and
shapes of various profiles stem from coupled mass balance equations and site-specific
parameters; in other words, the inputs and outputs of CH,4 drive the profiles. Although
problems with our model remain (e.g., changing water activity, sediment
heterogeneities, lateral flow), the fact that CH, distributions and multiple pore water
profiles can be simulated simultaneously and fairly accurately at different locations
supports the approach.

Our numerical modeling gives a mathematically robust, process-based

explanation for SMT depth as well as the difference in carbon chemistry across the SMT

32



735

736

737

738

739

740

741

742

743

744

745

746

747

748

749

750

751

752

753

754

755

756

757

758

at Sites 1244 and KC151-3. At both sites, an upward flux of dissolved CH,4 reacts with
dissolved SO4* at the SMT via AOM. Moreover, at both sites, AOM dominates the net
consumption of SO,% in shallow sediment. At Site 1244, however, a high flux of **C-
enriched DIC, produced by methanogenesis at depth, enters the SMT from below. This
is not the case at Site KC151-3, where a flux of *C-enriched DIC leaves the SMT in
both directions. As such, the SMT has relatively high concentrations of moderately **C-
depleted DIC at Site 1244 and relatively low concentrations of very *C-depleted DIC at
Site KC151-3. Other factors, notably fluid flow and carbonate precipitation, secondarily
affect the carbon chemistry across the SMT at these sites. In any case, the differences
in DIC concentration and §**C of DIC do not relate to the relative importance of AOM
and organoclastic sulfate reduction.

Cross-plots showing changes in alkalinity and SO,% concentrations have been
used to assess the relative influence of AOM in marine sediment. The 5*3C of DIC and
the 5C of carbonate also have been used for this purpose. These approaches are not
appropriate for open systems without additional information, especially those where
large fluxes of **C-enriched DIC enter shallow sediment from depth. Wide deviations in
AAIK*: ASO,* slopes and DIC 5%C are expected, even when AOM consumes all net
S04 (Figure 2).

The DIC concentration and 5*°C of DIC across the SMT exhibit broad ranges for
locations with underlying gas hydrate (Figure 2). On the basic of preliminary flux
arguments [Dickens and Snyder, 2009] and results presented here, we suspect this
range mostly signifies differences in fluid flux regime, and the relative proportions of **C-

depleted CH,4 and **C-enriched DIC entering the SMT.

33



759

760

761

762

763

764

765

766

767

768

769

770

771

772

773

774

775

776

777

778

779

Appendices

Appendix A: Nomenclature

Cm,eqb
Cs,o’ Cb,o! CCa,o
Dm’ Ds’ Db’ DCa

dT/dz

L. L,

L, L,
Mcm’ Mso4
MHCO3’ MCa’ Ivlpoc
Po

Pe , Pe,

r

S

t, t

To

u,, U

Mass fraction of component i and normalized value in phase |
Equilibrium CH,4 mass fraction in pore water at the base of the

GHSZ

Mass fraction of SO,%, DIC, and Ca?" in seawater

Diffusivities of CH4, SO,%, DIC, and Ca®*

Damkaohler numbers for AOM, organoclastic sulfate reduction and

methanogenesis

Geothermal gradient

Depth to the base of the GHSZ, and simulation domain respectively

SMT and compaction depth respectively

Molecular weight of CH,, and SO, respectively
Molecular weight of DIC, Ca?* and POC, respectively
Hydrostatic pressure at the seafloor

Peclet numbers for compaction driven and external fluid flow

Reaction rate constant
Sedimentation rate at the seafloor
Dimensional and dimensionless time, respectively

Seafloor temperature

Net fluid flux and sediment flux, respectively
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797
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799

800

g., U

sed

Uf,sed ’ U

fext

§°C POC

513CCH4 ' 513CHC03

meth

13

0" Cep,,
13

o CHCOS,meth

13
o CHco3 ,POC

)’AOM ' /’f’POC’ }“

pj1[)j

Dimensionless net fluid flux and sediment flux, respectively
Fluid flux due to sedimentation and compaction, and upward flow,

respectively

Sediment velocity

Vertical depth and normalized vertical depth, respectively

Organic content in sediment and normalized value, respectively

Organic content at seafloor and normalized value, respectively
5'°C of POC

5'3C of CH, and DIC, respectively

5'3C of CH, generated by methanogenesis

5'3C of DIC generated by methanogenesis

5'3C of DIC produced by organoclastic sulfate reduction
Fractionation factor for methanogenesis

Sediment porosity and reduced sediment porosity, respectively

Sediment porosity at the seafloor and minimum porosity at depth,

respectively

Reduced porosity parameters
Rates of AOM, organoclastic sulfate reduction and methanogenesis

Density of the phase j and normalized value, respectively

Subscripts and superscripts:
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808

809

810

811

812

813

814

815

816

817

818

819

820

821

W, m, s Water, CH, and SO,* components, respectively

b, Ca, CaCO, DIC, Ca®" and CaCO3 components, respectively

I, sed Liquid and sediment phase, respectively
AOM , POC AOM and organoclastic sulfate reduction reactions, respectively
meth, ppt Methanogenesis and calcite precipitation reactions, respectively

Appendix B: Chemical reactions
Methanogenesis is complex but can be represented with a simplified set of
reactions [e.g., Conrad, 2005]
Fermentation:
6CH,O + 2H,0 —» 2CH,COOH + 2CO, + 4H, (B1)
COg, reduction and acetate methanogenesis

2CH,COOH —» 2CH, +2CO, (B2)

CO, +4H, — CH, +2H,0 (B3)

Overall reaction:
2CH,0—>CH, +CO, (B4)
The carbon dioxide generated will react with pore water to form DIC:
CO, +H,0 —HCO; +H* (B3)
Carbon isotope fractionation during methanogenesis is also complex and

depends on the composition of precursors, various fractionation factors, and the relative

contribution of methanogenic pathways [e.g., Conrad, 2005]. By combining fermentation
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and both pathways for methanogenesis (Equations B1-B4), we have implicitly

integrated carbon isotope fractionation within intermediate reactions.

Appendix C: Updated Model Equations

C.1 Mass balances

C.1.1 Organic carbon

During sediment burial, microbes use a portion of POC in chemical reactions. We
define this labile (utilizable) organic carbon as «. For this work, the reactions are
methanogenesis (Equation 3) and organoclastic sulfate consumption (Equation 5).

The overall mass balance equation for labile organic carbon is:

1—
g[ 1_¢ psedai|+§[ 1_¢ Psed Vsa]:_psedﬂ’(l_¢)a_¢lvl ¢

;]'POC (psed a)(pw Cl) ' (Cl)

S0,

where p., = sediment density, p, = water density, z = depth, v, = sediment velocity,
c! = dissolved SO,* concentration, A = first-order rate constant of methanogenesis
(Equation 3), ¢ =porosity, My, = molecular weight of S0,%, and Asoc = Second-order

rate constant of organoclastic sulfate reduction (Equation 5).

The two terms on the left of Equation C1 represent the accumulation of labile
organic carbon with time, and divergence of the transport of this component with depth.
The two terms on the right correspond to the reactions that consume labile POC
(Equations 3 and 5, respectively). Note three simplifications: the amount of degradable
POC at the seafloor is constant with time; organic carbon is buried (down) with v,
equivalent to the sedimentation rate (S ); and the sedimentation rate is constant over

time.
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C.1.2 Methane

Once CH,4 forms in sediment, it can accumulate as dissolved gas, gas hydrate, or
free gas. In a dynamic system, CH, also moves with respect to the seafloor over time. It
can advect down with sediment (burial) as gas hydrate, advect up or down with fluid as
dissolved or free gas, or diffuse due to concentration gradients in the dissolved phase. It
can also rise as free gas; however, free gas migration is not modeled in this study (n.b.,
compelling evidence for free gas migration through the GHSZ does not exist at the sites
examined; e.g., Cook et al., 2008; Lee and Collett, 2008). Furthermore, dissolved CH4
transported towards the seafloor can react with SO,* (Equation 4). The overall mass

balance equation for dissolved CHy, is:

0 I 0 [ 0 ac, Mc ¢ Anou (P Cp)(Pu C)
gpc 142U, pc 1=l gp D Ln| M 714 o uCn )P0 Cs)
sl Poutn ]+ 5 (Vi) az[m)w "o [T Pt Y Me,

(C2)
where U, = net fluid flux, ¢! = dissolved CH,4 concentration, 4,,, = AOM reaction rate
constant (Equation 4), D, = CH, diffusivity, M, and M, = molecular weights of

CH4 and POC, respectively (and other parameters are defined above). The net fluid flux

U, is the sum of the fluid flux due to sedimentation (i.e., that carried down in pore space

through burial and compaction) and the external fluid flux (i.e., that moved relative to the
sediment from deeper sources).

The two terms on the left of Equation C2 represent the accumulation and
divergence of CH,4 advection; the three terms on the right correspond to CH, diffusion,

methanogenesis (Equation 3), and AOM (Equation 4). Methane production and
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concentration are assumed zero at and above the SMT. Hence, methanogenesis in the
model only occurs in the absence of pore water SO,

The mass balance equations in Bhatnagar et al. [2007, 2008] include three
phases for CH, (e.g., dissolved, hydrate, and free gas). In this study, we neglect the
hydrate and free gas phases in our calculations, and only solve for the dissolved CH4
concentration (basically, CH,; concentrations exceeding solubility do not form gas
hydrate or free gas). This simplifies the model, and allows us to focus on shallow pore
water chemistry profiles, the primary concern of this paper. This simplification also does
not affect the remaining pore water chemistry profiles (e.g., SO4*, DIC, Ca*") as they

are all dissolved species and only relate to the dissolved phase concentration of CHg.

C.1.3 Sulfate

Deep ocean SO,* concentrations have been a constant value, ~28 mM, for
millions of years [Lowenstein et al., 2001], with the exception of anoxic zones. With
sediment burial, however, pore water SO,* concentrations can vary significantly
(Figure 3a) because of fluid advection, diffusion, and two consumption reactions
(Equations 4 and 5). The overall SO4* mass balance equation that incorporates these

factors is:

|
%[qﬁ P Cl]+%[Uf Puct] =%[¢pw D, aaﬂ

@ Apom (P Cn)(2,,C2) _ ¢ 1=¢ Aooc (Preg )P0 )
My, Meoc ’

(C3)

where D, = sulfate diffusivity (and other parameters are defined above).
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The two terms on the left of Equation C3 represent the accumulation and
divergence of SO,* advection; the three terms on the right correspond to SO,*

diffusion, AOM, and organoclastic sulfate reduction, respectively.

C.1.4 Dissolved inorganic carbon (DIC)

The DIC of deep-ocean water has also been fairly constant on long timescales
[Lowenstein et al., 2001]. However, like SO,*, several processes can change its
concentration in pore water (Figure 3b). Transport by advection and diffusion occurs,
as well as production by methanogenesis (Equation 3), AOM (Equation 4),
organoclastic sulfate reduction (Equation 5), and removal by carbonate precipitation

(Equation 6). The overall DIC mass balance equation is:

0 | 0 I 0 ac:3 MHCO
T4 p 1+ 21U, p, 0 1= g p, D, 2 |+ p 2 1-¢ «
6t[¢ v az[ Pu ] azp VI | M /

M HCo, b Apom (P Crln)(pw C;) 2M HCO, ¢ 1=¢ Apoc (Pea )Py Cl) ACCaCO3
: + R )
My, Mo, MoocMso, At

where ¢, = DIC concentration, D, = DIC diffusivity, and Myco, = molecular weight of
DIC, cc,co, = concentration of CaCOs precipitated (and other parameters are defined

above).

The two terms on the left of Equation C4 represent the accumulation and
divergence of DIC advection; the five terms on the right correspond to diffusion,
followed by the three reactions that generate DIC (Equations 3-5), and the one reaction

that consumes DIC (Equation 6). The DIC mass balance equation does not imply that
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all DIC will be consumed in sediment. In fact, as will be shown, significant loss of DIC to

the ocean can occur through the sediment-water interface.

C.1.5 Calcium

Dissolved Ca?* concentrations of deep ocean water have also been relatively
constant on long timescales [Lowenstein et al., 2001], but often change in sediment
(Figure 3c) because of advection, diffusion, and carbonate precipitation. The Ca?'

mass balance equation is:

0 | 0 | 0 8C'C ACcyco
— o, |[+—| U, p,CL, == D 2 |- = C5
at [¢pw Ca:| 82 I: f pw Ca:l 82 |:¢pw Ca 82 ¢pw At ( )

where c;, = dissolved Ca®* concentration, and D., = Ca®* diffusivity (and other

parameters are defined above).

The two terms on the left of Equation C5 represent the accumulation and
divergence of Ca®* advection; the two terms on the right correspond to Ca®" diffusion
and carbonate precipitation (Equation 6). As mentioned earlier, carbonate precipitation

has been modeled as an equilibrium reaction with calcite as the mineral precipitate.

C.1.6 Carbon isotopic composition

The carbon isotope composition (6'3C) of methane and DIC clearly change in
sediment (Figure 3d). Consequently, the *C and **C contents of these carbon-bearing
phases should be tracked, for which there are two main considerations. POC buried
with sediment has a 8*3C between -26 and -16%. [Conrad, 2005; Kim et al., 2007].

During methanogenesis, however, fractionation of carbon isotope values occurs, such
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that the CH, becomes depleted in **C while the DIC becomes enriched in **C [e.g.,
Conrad, 2005].

For CH,4, we incorporate carbon isotopes into Equation C2 as follows:

0 A(cy 6"°Cap,)

§[¢pwcrln 513CCH4:|+§|:U1‘ PuCr 513CCH4]=5 ¢ P, Dy, P

M A cn)(p, €)8C
4 CHa puh 1-¢ a513C0H4,meth_¢ aom (P € ) (04 C5) CH,

POC M S0,

; (C6)

where 5°°C, = &'°C of dissolved CHy, and 6"°Cg, . = 8"°C of CH,4 produced during

methanogenesis (fixed site-specific parameter).

Likewise for DIC, we incorporate carbon isotope values into Equation C4 as

follows:
| 13
0 I 13 0 I 13 _ 0 a(Cb 4 CHCOs)
a[¢pwcb g CHCO3:'+§|:Ufprb g CHCO3]_E oDy ———
M M A ¢ )(p,cl) 6°C
4 Y HCo, push 1-¢ @ é‘lSCHCOg,meth HCO3¢ pom (PuCrn) (P4C5) CH,
Moeoc Mcm'\/lso4

+ 2Myco, @ 1-0 Apoc (pseda)(PWCl) 513CHC03,POC — 4p, A(Cc<f,1c03513(:Hco3) ’ (C7)

MeocM S0, At

where 5%C,, = 8°C of dissolved DIC, §°Cco ney = 8°C of DIC generated by

methanogenesis (a fixed, site-specific parameter), and 513CHco3,poc = 3C of DIC

generated by sulfate reduction of POC (a fixed, site-specific parameter).
The two terms on the left of Equation C7 represent the accumulation and

divergence of advection of *C and *3C in DIC; the five terms on the right correspond to
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the diffusion of *C and *3C in DIC, followed by the three reactions that generate DIC

(Equations 3-5), and the one that consumes DIC (Equation 6).

C.2 Normalized variables and key dimensionless groups

The mass balance equations (Equations C1-C7) can be rewritten in
dimensionless form [Bhatnagar et al., 2007, 2008]. This reduces the number of
parameters describing a particular system, and allows for straightforward comparisons
of different systems from a mechanistic perspective. To accomplish this, key variables
need to be normalized. We follow the scaling schemes developed by Bhathagar et al.
[2007]. All dimensionless variables are represented with a tilde (~) to distinguish them
from their corresponding dimensional forms.

Vertical depth is scaled to the base of the GHSZ (L, ):
I=—. (C8)

This means that, for all gas hydrate systems examined, various calculations are made
and results presented with the seafloor and the base of the GHSZ having values of 0
and 1, respectively (e.g., Figures 4 and 5).

Time is normalized through a combination of L, and diffusivity of methane (D,,).

t

f=—.
7/,

(C9)

Initial time is denoted by f =0when sediments start to land on the seafloor. Normalized
time t =limplies the diffusion time required to travel the distance between the base of

the GHSZ and the seafloor.
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Contents of degradable POC in the sediment column (« ) are normalized to the
initial quantity deposited at the seafloor («,). The initial POC content deposited at the

seafloor is normalized with the equilibrium CH4 concentration at the base of GHSZ

(Cpeqp)- These are expressed as:

G2 fo%o (C10)
a, c

m,egb

Likewise, dissolved CH,4 concentations through the sediment column (c!) are
normalized to the equilibrium CH,4 concentration at the base of GHSZ. This is because,
for the upper few hundreds of meters of marine sediment, the maximum possible ¢! will

typically occur at this depth [Zatsepina and Buffett, 1998; Bhatnagar et al., 2007];

Figure 1a). The normalization is expressed as:

A (C11)

Cm,eqb

By contrast, pore water SO,>, DIC, and Ca?* concentrations are normalized to

their respective values in seawater, ¢, G,,, and c.,,:
c. C. c.
~| ~| b ~|
C,=—, C, =—— Cog =—2 . (C12)
Cs,o Cb,o CCa,o

In general, normalized SO,* and Ca®" concentrations will diminish from 1 with depth,

while normalized DIC concentrations will exceed 1 with depth (Figures 4 and 5).

Porosity at a given depth is normalized to the minimum value at great depth (¢, ):

P-4,
¢_1_¢w. (C13)
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However, to obtain appropriate porosity profile with depth and to simplify equations, two

additional parameters are introduced:

_ %9, _1-4, C14
=y 7= (C14)

where ¢,= porosity at the seafloor and 7 = normalized porosity at the seafloor. In

general, porosity decreases with depth because of compaction, so that ¢, > ¢ > ¢, and

n>¢ . At great depth, porosity approaches a minimum value and the fluid and sediment
velocities approach a common asymptotic value [Berner, 1980; Davie and Buffett, 2001,
Bhatnagar et al., 2007]. Fluid gets buried (downward) with the sediment and its velocity
increases with depth. However, the fluid flux (product of its velocity and porosity) at any
depth remains constant at steady-state conditions.

The downward component of the net fluid flux (U;), defined as U, ., can be

expressed as a combination of sedimentation rate (S) and porosity parameters

[Bhatnagar et al., 2007]:

_ 1_¢o .
U ea = =4, S¢, . (C15)

The sediment flux (U, ) can be defined as:
Uy = 1-¢ S. (C16)

It represents the downward transport of sediment grains, and is assumed to be

constant. For convenience, it can be scaled with respect to U, ., which can be related

to y [Bhatnagar et al., 2007].
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= Used — 1_¢0 S:( ¢°O 1_¢°°

sed = =V
U f,sed U f,sed U f,sed [ ¢°0 J

Other than through fluid burial, dissolved species can move through external fluid flow

U (C17)

and diffusion. The relative significance of these processes are perhaps best understood
by defining two dimensionless groups known as Peclet numbers. The first Peclet

number (Pe,) we define characterizes the ratio of sediment-driven fluid flux to methane

diffusion:

(C18)

By contrast, the second Peclet number ( Pe,) characterizes the ratio of external fluid flux

(generally upward from deeper sediment) to CH, diffusion:

— Uf,extLl

m

Pe, (C19)

These dimensionless numbers are scaled by CH, diffusion to enable quick comparison

of relative amounts of advection and diffusion of methane. Crucially, Pe, and Pe,

typically act in downward and upward directions respectively, and have opposite signs.

Another set of dimensionless groups, the Damkdohler numbers, are also
convenient because they characterize the ratio of reaction to diffusion. Three

Damkohler numbers are defined here:

Methanogenesis: Da=—, (C20)
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AOM: Da,,, = 2timen Zrom = (C21)
Mg, D

m

C L2
Organoclastic sulfate reduction: Da,, = 22 ne frock, (C22)

M D

POC S

All parameters and dimensionless groups are defined collectively, along with

specific values in Appendix A and Table 1.

C.3 Dimensionless mass balance equations
The dimensional mass balance equations (Equations C1-C7) can be rewritten in
dimensionless form using the normalized variables and dimensionless groups defined

above. The evolution of POC through depth and time can be expressed as:

~ 3 3 1-¢ 147 DM, .c
2 g +pe 2|70 e |- Dag- a7 OMeocls 5 G
ot 07 Y 1+y DM 50, Cm,eqb

(C23)
For CH,4, the dimensionless mass balance equation is:

7 I 7\ Azl
of (e ], (127 ) e,y pey B 2178
ot 4 4 ol 01 4 0z
M ~ 5) Mg, C
+ g Pu DA 14 &ﬂ—(“”’j = Dy G (C24)

POC v M 50, Cm.eqp

For SO,%:

i{(ﬂj@'} (“J](peﬁpez)acj' =3[[Mj D, aﬂ
ol 7 p e
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_£1+7/¢]DaAOM Crlncsl . >, psed Dapocaﬁc (C25)
% 1+y D

m

For DIC:

N
ot 4 /4 oz y )D, oz

M C - 5 \M c
+ HCO; “m,eqb ﬁsed Da 1_¢ 0~lﬂ+[l+ J/¢J HCO, “s,0 Da g

AOM
Mooc Gy Y MSO4Cb,o "
2M o, C 1-¢9 1+ 5\ C.. AC
(P tep 120 199 D, o e [“””j ———t (c26)
M SO, Cb,o (1+ 7) Dm Y Cb,o At

For Ca®":

o Humj%a}[l j(Pe + Pe )acg;a zg{[uy&j% ac('ja}_ (1+7¢] Coaco,
of y y 07 y D, 02 % At

(C27)

or 2C and *C of CH,;
" 7\0 ¢ o"C
[ e s5c,, |+ 1T (F>el+F>e2)i[cr'n 513CCH]:i L+ o
ot % ¢ ¥ 0z ¢ 0z ¥ 07

- 5\ Mg, C
e ﬁsed Da 1-¢ &ﬂ513CCH4,meth - (l+}/¢j M et DaAOM ~r|n ~sl 513CCH4 . (C28)

POC SO, Cm .eqb

And, for 2C and *C of DIC:

ot ~ <l <13
O [1+72 | a1 g5 1ty | i3 0|(1+1$\D, 0 & 6"Ce,
— ¢,0°C + Pe, + Pe ¢,o°C =— —
5‘[( y jb HCOJ ( y j( APy [b o azﬁ y )b, o1

M Cregp ~ Iy

M POC ™b,0

+

5 \ M Cc
1+ 7/¢J Heo, Cso Da,., Crln ~S| 513CCH4

4 M s0, Cb.o
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Mo, Co.0 1+y D, v Coo At
1052 : (C29)
1053 The above differential mass balance equations can be solved for finite solutions,

1054  with initial conditions and boundary conditions.

1055

1056 C.4 Initial conditions (f =0)

1057 Seafloor temperature (T,) and the geothermal gradient (dT/dz) are specified and
1058 remain invariant through time. Consequently, there is a fixed, increasing temperature

1059 profile with depth.

1060 Pressure is set to hydrostatic conditions throughout the sediment column. This
1061 appears valid for z <L, because, in several drill holes, the base of the GHSZ lies close
1062 to a depth predicted from gas hydrate stability conditions, measured temperatures,
1063 salinities and hydrostatic pressure [e.g., Paull et al., 1996; Tréhu et al., 2003]. With this
1064 assumption, the normalized porosity profile can be computed as an analytical

1065 expression [Bhatnagar et al., 2007]:

2 n
1066 ~ _ C30
’ n+@-n)e™’ (30

1067 where N,, = the depth to the base of the GHSZ relative to the compaction depth (L,).
1068 These parameters are defined as:

1069 N =2 and %

t L, = , c31
©oL * (1=4.)(Pug — P (3D
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where o, = characteristic constant with units of stress, and g= acceleration due to
gravity. In all our simulations, N,, =1, implying compaction depth (L,) is equal to the
thickness of the GHSZ (L, ). Unit compaction depth further implies porosity at this depth

is reduced by 1/e (or 36.8%) from its initial porosity at the seafloor.
The labile organic carbon content («) is assumed to be 0% throughout all

sediment at initial time © =0. No CHj, is present at this time in the sediment column, so

the CH4 concentration (c.) is zero. Therefore, the normalized labile organic content
(@), and the CH, concentration (¢! ) are zero (Equation C32).
a(2,00=0, ¢! (2,0)=0. (C32)
The pore water SO, (c!), DIC (c}), Ca** (c.,) concentrations, and the carbon
isotope compositions (5°C) are assumed to be seawater values at initial time for any
depth Z. The normalized pore water concentrations of SO,* (€!), DIC (¢}), and Ca*
(€.,) are unity at f =0 (Equation C33). At the same time, carbon isotope compositions

in CH, and DIC are zero because the carbon isotope compositions are normalized
relative to a marine carbonate standard.

C(2,00=¢6,(2,0)=C.,(2.0)=1,  6Cgy, (2,0) =5"C,c,(2,0)=0. (C33)

In essence, at =0, there is a sediment column with prescribed physical
conditions (i.e., temperature, pressure, and porosity). This column has no POC, and
pore space is filled with seawater. For all f >0, POC is continuously deposited on the
seafloor. A fraction of this is labile and, upon burial, drives a sequence of chemical

reactions. These lead to changes in pore water CH, SO,%, DIC, and Ca®'
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concentrations, as well as the 83C of DIC. The amounts of CH,, DIC and Ca®" are

restricted because of solubility.

C.5 Boundary conditions

As time progresses, pore water concentrations throughout the sediment column
change from their initial values. We specify boundary values to all variables at the
seafloor, and at the bottom of our simulation domain. Normalized labile POC content is
unity at the seafloor. By contrast, due to very low CH,4 concentrations in seawater,
normalized CH, concentration is zero at the seafloor. These boundary values are
(Equation C34):

a(0,f) =1, ¢ (0,f)=0. (C34)
As discussed earlier, CH, concentration is also zero below the seafloor until the SMT.
Importantly, however, we do not prescribe this as a boundary value. Instead, this
condition arises in our model because minimal methanogenesis occurs in the presence
of SO4%, and because CH, reacts with SO,* via AOM.

At the seafloor, normalized pore water SO4?, DIC and Ca?* concentrations are
unity, while normalized carbon isotope compostions in CH, and DIC are zero. These are
(Equation C35):

g¢0i=¢ei=¢(0t)=1, 5°Cq,(0,f) = 67C, 1, (0,) = 0. (C35)

Upward fluid flux is modeled so as to transport dissolved CH., DIC, Ca**, and

other pore water species from deeper sediments. Consequently, pore water

concentrations need to be specified at the base of the simulation domain (L, =2L,).
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Pore water CH; concentration at this depth (c,'n’ext) equals the equilibrium CH,

concentration ¢ at this depth (Equation C36):

m,eqb
~rln (Ez ’f) = Crln,ext = Crln,eqb (I:z) ’ (C36)

where ¢ = normalized specified CH; concentration at depth L[ (=L,/L ). The

m,ext
system, therefore, is charged with CH, saturated water at the lowermost boundary.

Similarly, normalized concentrations are specified at L, for S0, (C‘s"ext), DIC

|
(Gheq) and Ca?" (“aex). Pore water SO, is consumed above or at the SMT; hence,

¢' . is zero. Dissolved DIC and Ca®" concentrations are set so they are in equilibrium

s ext
with solubility concentrations of CaCOj3 at depth. Collectively:
f)=¢l..=0, & (L, 0) =6, ¢ (L, D)=¢. ... (C37)
During methanogenesis, a range of solid organic molecules with a range of carbon
isotope compositions produces CH, relatively depleted in **C, and DIC relatively

enriched in *3C. The pathways involved are somewhat complex, especially regarding

isotope fractionation (Appendix B; [Conrad, 2005]). To simplify the modeling, we

assume a fixed 8'°C for POC and labile POC (§"C,..), and a fixed 8'°C for CH,
generated during methanogenesis (513CCH4,meth)' Both values will be site specific. The

513CCH4,mem values are determined by computing the average values of 5'°C of CH,

[Milkov et al., 2005; Lorenson et al., 2008] measured at the two sites. This implies that

the fractionation factor (&,) and the 8"C of DIC produced during methanogenesis

(6"*Crico, men) Will also be fixed at a given site. For the two sites of immediate interest,

the values are:
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1147

1148

1149

1150

1151

0P Croec =—24%, 57Cep, men = —70% (Site 1244), (C38)

and

OPCroe =—22%, 5°Cep, men = —75%o (Site KC151-3).  (C39)
Fractionation factor (¢, ) is defined as the ratio of 5:3C of labile POC and CHa.

. _ 0 Copc +1000
" 6Cq,, +1000

(C40)

The 513CHCOS,meth values and the fractionation factors at these sites are calculated

using the carbon isotope compositions §°Cpq , and 6°Cey;. e -

57Ciico, men = +22 % g, =1.049 (Site 1244), (C41)
and
57Ciico, mein = +31%0 g, =1.057 (Site KC151-3). (C42)

The carbon isotope composition of DIC (513CHCO3) produced by organoclastic
sulfate reduction is equated to that of POC (5%C,. ). For sediment at respective sites:

6%Crico, poc =0 Cpoc =—24%, (Site 1244), (C43)

and
57Chieo,poc =0 Cpoc =—22%, (Site KC151-3). (C44)
The 8"°C of CH, (8Cg,,) and DIC (87C,,,) at the basal boundary (L,) are

specified as observed in field data [Milkov et al., 2005; Torres and Rugh, 2006;

Lorenson et al., 2008; Kastner et al., 2008a]. For Site 1244:
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%Cen, (L 1) =0"Crpy 00 ==65%, ,  °Cho, (L, 1) =6"Crieq, o0 = +20% - (C45)
For Site KC151-3:

%Cen, (L) =0"Copy 00 ==70%,,  Cheo, (L, 1) =6"Cieo, o0 =+10%, . (C46)
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Table 1. Model parameters

o . Hydrate Keathley
Symbol Definition (units) Ridge 1244 Cflsnly_%n
L, Seafloor depth (m) aggQ b1399
P Seafloor pressure (MPa) 8.72 12.95
T, Seafloor temperature (°C) ag g by
dT/dz Geothermal gradient (°C/m) a0 061 b0 038
L, Depth to GHSZ (mbsf) 133.4 314.1
L, Depth to SMT (mbsf) 9.2 10.4
S Sedimentation rate (cm/kyr) 27 25
U o Fluid flux due to sedimentation (m/s) 285x%x 1013 | 2.64 x 1013
Pe, First Peclet number - compaction-driven fluid flow 0.044 0.095
Pe, Second Peclet number - external fluid flow 1,-2,-3 22 -3 -5
ToC Total organic carbon (%) 1.27 05
B Normalized organic content at seafloor 3 0.47
Con et CHg solubility at base of the GHSZ 1701 x 102 | 2.101 x 107
C,, Seawater SO, concentration (mM) 28
Co.s Seawater DIC concentration (mM) 24
Ceno Seawater Ca** concentration (mM) 10
D CH, diffusivity (m?/s) °0.87 x 107
D, S0,” diffusivity (m?/s) °0.56 x 107
D, DIC diffusivity (m?/s) 90,60 x 10°
D, Ca®" diffusivity (m?/s) 90.40 x 10°
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1531

1532

1533

1534

1535

1536

Da

Damkaohler number (methanogenesis)

0.22
Da. Damkaohler number (organoclastic sulfate
poC reduction) 1
Da,oy Damkohler number (AOM) 108
; T
1 Rate constant for methanogenesis (s™) 107 x 10 | 1.94 x 10
Rate constant for organoclastic sulfate reduction
Aeoc (m¥mol's) 5.55x 10™° | 8.10 x 10’
3 .
Ao Rate constant for AOM (m®/mol's) 4.60 x 10 6.71 x 10°
N, Ratio of L, to L, 1
O Sediment density (kg/m®) 2650
o, Water density (kg/m°) 1000

®Tréhu et al., [2003]

PRuppel et al., [2008]

‘Iversen and Jgrgensen, [1993]

dLi and Gregory, [1974]
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Figure 1. (a) Schematic representation of a gas hydrate system showing pore water
sulfate (red) and methane (blue) concentrations, which go to near zero within the
sulfate-methane transition (SMT) at shallow depths due to AOM. The dashed line
represents the methane solubility curve. Fluid fluxes due to compaction-driven flow and
external flow are denoted as U, ., and U, respectively; L is the depth to the base of

the gas hydrate stability zone. (b) Zoomed sulfate-methane transition (SMT) zone
showing an overlap of sulfate and methane profiles and its depth below the seafloor
(L,) [Bhatnagar et al., 2008]. It should be noted, though, that accurate, high-resolution

in situ CH,4 concentration gradients have never been measured below the SMT [e.qg.,
Dickens et al., 1997; Milkov et al., 2004].
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Figure 2. Alkalinity versus 3'*C of DIC at the SMT for multiple locations known to have
gas hydrate at depth. Note the general trend from sites with low alkalinity and low 3*C
of DIC to those with high alkalinity and relatively high 5*C of DIC. Traditionally,
alkalinity and 3*3C of DIC at the SMT were being used to discriminate between AOM
and POC-driven sulfate reduction to explain this trend. We suggest the dominant cause
for this trend arises from the relative flux of upward **C-enriched DIC (Fpicop). Data
from: ODP 994-997, Paull et al. [2000b]; ODP Site 1059, Borowski et al. [2000]; ODP
Sites 1244-1252, Claypool et al. [2006], Torres and Rugh [2006]; 1326, 1329, Torres
and Kastner [2009]; KC03-5-19, Pohlman et al. [2008]; KC151-3-3, AT13-2, Kastner et
al. [2008b]; O7GHP-1, Kim et al. [2011]. The hachured line for Hole 1252A represents a
range of values spanning the SMT. Octagons represent the two sites (1244C and
KC151-3) modeled within this paper.
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Figure 3. Pore water (a) SO4*(closed circles and squares), CH4 (open circles and
squares), (b) alkalinity (DIC), (c) Ca** concentration and (d) 5'3C of DIC profiles in
shallow sediment at Site 1244 in Hydrate Ridge and KC151-3 in Gulf of Mexico. Top
panel shows the zoomed pore water profiles for the upper 20 m of sediment and the
shaded region represents the SMT zone. The arrows indicate increasing trend in CHy
concentration. Data from: 1244, Tréhu et al. [2003] and Torres and Rugh [2006];
KC151-3, Kastner et al. [2008Db].
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Figure 4. Steady state normalized pore water concentration profiles at Site 1244.

(a) CH, (solid), and SO,* (dashed), (b) DIC, (c) Ca**, and (d) 5'3C of DIC. The blue,
green and red curves correspond to increasing magnitude of Pe; (fluid flux from depth)
shown by direction of arrow. Site 1244 data (black circles) [Tréhu et al., 2003; Torres

and Rugh, 2006]. Parameters:Pe =0.044,Da=0.22,Da,,. =1, Da,,, =10°, 8=3,
Cpoq =27 ANd 6Cyicq o0 =+20 %o.
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Figure 5. Steady state normalized pore water concentration profiles at Site KC151-3.
(@) CH. (solid), and SO.* (dashed), (b) DIC, (c) Ca?*, and (d) 5'3C of DIC. The blue,
green and red curves correspond to increasing magnitude of Pe; (fluid flux from depth)
shown by direction of arrow. Site KC151-3 data (black circles) [Kastner et al., 2008b].

Parameters: Pe, =0.095, Da=0.22, Da,, =1, Da,,, =10°, =047, ¢, =15 and

b,ext
57Crico, ex = +10 %o.
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Figure 6. (a) Steady state pore water profiles to study the effect of Da,.,, at Site 1244.
Decrease in Da,,, results in a thicker SMT horizon. Parameters: Pe, =0.044, Pe, =-1,
Da=0.22, Dapy =1, f=3, G, =27 and 6°Cyqq o =+20 %0. (D) Effect of Da,o. on
pore water chemistry at Site 1244, Parameters:Pe, =0.044, Pe,=-1, Da=0.22,
Da,o, =10°, B=3, G, =27 and 6°C,co . =+20%0. In both cases, decreasing

Da,q, and increasing Da,,. result in higher POC depletion, lesser CH, and DIC

production, greater Ca®* concentration in pore fluids above and below the SMT and a
more negative 5°C of DIC at the SMT.
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Figure 7. Concentration cross-plot of “excess alkalinity” (AAIk*) corrected for carbonate
precipitation versus ASO,* (mM) relative to the seafloor for shallow sediment at Site
1244 on Hydrate Ridge [Tréhu et al., 2003] and Site KC151-3 [Kastner et al., [2008b].
As emphasized by Kastner et al. [2008], there is a 2:1 relationship for pore water
concentrations above the SMT for Site 1244 (red circles) and 1:1 for Site KC151-3 (blue
squares). Note, however, that excess alkalinity continues to rise below the SMT at Site
1244. This clearly implies an upward flux of alkalinity from depth; whereas, at Site
KC151-3, excess alkalinity decrease below the SMT. This decrease is because DIC is
consumed by Ca*" resulting in calcite precipitation.
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Figure 8. Concentration cross-plots for AAlk* and ASO.* relative to seawater. Three
cases are illustrated here corresponding to a 2:1 slope. Blue dashed line represents a
case with organoclastic sulfate reduction, no upward fluid flux, no AOM and no deep
DIC source (methanogenesis). Parameters: Pe, =0.044, Pe,=0, Da=0, Da, =1,
Da,,, =0, p=3 and ¢, ., =0. Red solid line represents another case with low and finite
upward fluid flux, AOM, methanogenesis, and a deep DIC source, but no organoclastic
sulfate reduction. Parameters: Pe, =0.044, Pe,=-0.1, Da=1, Da,, =0, Da,,, =10°,
B =3 and C ., =79. The green dashed line represents a third case (combination of the
first two cases). It is characterized by AOM, organoclastic sulfate reduction,
methanogenesis, deep DIC source and low upward fluid flux. Parameters: Pe, =0.044 ,
Pe,=-0.1, Da=1, Day, =1, Da,,, =10°, =3 and ¢, =79. A 2:1 slope is not only

achieved by organoclastic sulfate reduction alone, but also by a combined effect of
AOM, methanogenesis and a deep DIC source. The depth below the seafloor until the
SMT is shown by the direction of the arrow; below the SMT, AAIk* increases with no
change in ASO,* implying high DIC flux entering the SMT from below.
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Figure 9(a). Concentration cross-plots for AAlk* and ASO.* relative to the seafloor with
AOM, organoclastic sulfate reduction, methanogenesis, deep DIC source and upward
fluid flux at Site 1244. The solid lines correspond to parameters same as in Figure 4.
Dashed lines correspond to a case with higher rate of methanogenesis rate and greater
DIC flux from depth (Da=1 and ¢ ., =50). The blue, green, and red colors indicate

increasing fluid flux (corresponding to Pe, = -1, -2 and -3). Cross-plot constructed from
Site 1244 data (black circles) [Tréhu et al., 2003] matches well with our simulated cross-
plots. The slope decreases with increase in fluid flux from depth. Higher DIC input (due
to higher methanogenesis and/or high DIC source at depth) results in a greater slope.
Notably, negligence of Mg®* in AAIk* calculations above, results in a slope less than 2:1

as compared to Figure 7.
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Figure 9(b). Concentration cross-plots for AAlk* and ASO.* relative to the seafloor with
AOM, organoclastic sulfate reduction, methanogenesis, relatively depleted DIC source
at depth and upward fluid flux at Site KC151-3. Parameters used are same as in Figure
5. Increasing upward fluid flux (corresponding to Pe, = -2, -3 and -5) are represented by
blue, green and red curves. Data from Site KC151-3 data [Kastner et al., 2008b] is used
to construct cross-plots shown by black circles. The slope of the cross-plot decreases
as fluid flux increases (same as in Figure 9a). Contrary to Figure 9a, AAlk* decreases

with no change in ASO4* beyond the SMT, implying DIC flux leaving the SMT both
above and below.
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Figure 10. Flux cross-plots of CH, (circles) and DIC (stars) versus SO, across the
SMT corresponds to a 1:1 slope. Case 1 corresponds to simulations shown in Figure 4.
The simulation results that best matches Site 1244 data (Pe, = -1; Figure 4) show 17

mol/m?kyr of SO,% entering the SMT from above, 17 mol/m?kyr is the difference
between amounts of DIC entering from below and leaving toward the seafloor (including
carbonate precipitation). This gives a net change of 17 mol/m?kyr of DIC across the
SMT, which balances the downward flux of SO,* and supports a 1:1 stoichiometry and
dominance of AOM at the SMT. Case 2 increases the rate of organoclastic sulfate

reduction by two orders of magnitude (Da,.. =10%; all other parameters are same as
Case 1) and the relative flux correspondence across the SMT is unaltered. Case 3
corresponds to high DIC flux entering the SMT from below and high methanogenesis
rate also results in the same 1:1 correlation between CH4 and DIC fluxes relative to
S0,* flux (parameters same as dashed curves in Figure 9a). The Pe, values

(equivalent to upward fluid flux) are noted in parenthesis and the arrow indicates
increase in upward fluid flux.
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